Turbulence parameters in the tropo-stratosphere are analyzed using high-resolution balloon temperature measurements collected during the MUTSI (MU radar, Temperature sheets and Interferometry) campaign which took place near the Middle and Upper atmosphere (MU) radar (Japan, 35 • N, 136 • E) in May 2000. Vertical profiles of the specific dissipation rate of turbulent kinetic energy, ε, and turbulent diffusivity, K, are estimated from the Thorpe lengthscale, L T . The last is obtained by using two methods. The first one consists of measuring directly L T by reordering the potential temperature profiles. The second method is based on estimates of the temperature structure constant, C 2 T . A relationship between L T and C 2 T can be found by assuming either adiabatic vertical displacements or a model based on turbulent energy balance consideration. Analysis shows that the adiabatic assumption gives indirect estimates of L T more consistent with direct measurements. We also found that vertical profiles of analyzed turbulence characteristics show substantial intermittency, leading to substantial scatter of the local, median and average values. General trends correspond to a decrease in ε and K from the boundary layer up to altitudes 20-25 km. Layers of increased turbulence are systematically observed in the tropo-stratosphere, which may be produced by instabilities of temperature and wind profiles. These maxima may substantially increase local values of turbulence diffusivity.
Introduction
Atmospheric turbulence is an important subject in the atmospheric sciences. Accurate estimates of the dissipation of en-Correspondence to: H. Luce (luce@lseet.univ-tln.fr) ergy by turbulence and increased heat conduction by turbulent diffusion are important for a full understanding of atmospheric energetic and dynamic processes. Turbulent mixing and diffusion of natural and anthropogenetic gas species control atmospheric composition below the turbopause (normally located above an altitude of 100 km). For these reasons, effects of turbulence are now involved into practically all theoretical and numerical models of atmospheric circulation, dynamics, energetics and composition. The most essential turbulence parameters for such models are the specific rate of dissipation of kinetic energy, ε, and turbulent diffusivity, K. These turbulence parameters describe the efficiency of turbulent mixing at small scales. They need to be accurately quantified for estimating the turbulence effect on atmospheric chemistry, and in particular, on the vertical distribution of chemical species.
Estimates of ε and K in the atmosphere have been performed using different experimental techniques. Some insitu measurements of turbulence in the middle atmosphere made before 1990 are cited by Fukao et al. (1994) . More recent studies were made using rockets (Roper, 1996; Khananian, 1996; Lübken, 1997 , Lübken et al., 2002 ) , balloons (Hocking and Mu, 1997; Luce et al., 2002) and aircrafts (Strunin and Shmeter, 1996; Pavelin et al., 2002; Cho et al., 2003) . Systematic measurements of ε and K at different altitudes were made using MF, MST and UHF radars (e.g. Kurosaki et al., 1996; Naström and Eaton, 1997; Hall et al., 1998; Bertin et al., 1999; Dole and Wilson, 2001; Satheesan and Krishna Murthy, 2002; Kelly et al., 2003; Zink et al., 2004) , and with acoustic (Agrovskii and Kukharets, 1998; Furumoto and Tsuda, 2001) and optical measurements (Kao et al., 2002; Hecht et al., 2004) . Recently, extensive information about profiles of turbulence characteristics was obtained from optical observations of star scintillations from satellites (Gurvich et al., 2001) .
Despite a large amount of experimental data, there are substantial discrepancies between the estimates from the different methods and experiments. This may be explained by differences between experimental techniques used, and by the complex structure of nonlinear intermittent turbulence in the atmosphere (see reviews by Hocking, 1999 and Wilson, 2004) . Therefore, the application of different methods for estimating turbulence parameters from the same data sets would give extra credence to the results if they are selfconsitent. In the present paper, we compare methods of estimations of ε and K from vertical profiles of (potential) temperature. To this end, we use the results of high resolution (10 cm) and high-accuracy (2 mK) balloon temperature measurements in the tropo-stratosphere obtained during the MU Radar, Temperature Sheets and Interferometry (MUTSI) campaign performed in May 2000 in Shigaraki, Japan, 35 • N, 136 • E (Luce et al., 2001) .
Methods used for estimating ε and K are based on characteristic lengthscales of steady-state turbulence. Ozmidov (1965) defined a scale L O corresponding to the equilibrium between the inertia and buoyancy forces as follows:
where N the Brunt-Väisälä frequency. As a substitute for L O , the Thorpe lengthscale L T was recently used in stably stratified fluids, such as lakes and ocean (e.g. Thorpe, 1977 , Caldwell, 1983 , Smyth and Moum, 2000 . It quantifies the vertical overturns in density or potential temperature profiles. Some experimental and numerical studies have been performed to relate the Ozmidov scale L O to the Thorpe lengthscale L T (e.g. Smyth et al., 2001) . Such a relationship would permit us to estimate ε and K from the sole potential temperature (or density) profile, as explained in Sect. 2.
We use two methods for estimating the Thorpe lengthscale L T . The first method consists of measuring directly L T , as already proposed by Caldwell (1983) , Dillon and Park (1987) and Fer et al. (2004) , for turbulent mixing in ocean. The second method consists of estimating L T indirectly from the temperature structure constant C 2 T using two different models. The parameter C 2 T , can be estimated from balloon temperature measurements with horizontal pairs of distant sensors. The second method may be also useful for experiments, when L T cannot be measured directly, but C 2 T and N are available.
In Sect. 2, we describe the basics of the methods used for the comparisons. Section 3 is devoted to the practical aspects of analysis of MUTSI balloon data. Results of the analysis of vertical profiles of turbulence characteristics in the tropostratosphere are given in Sect. 4 and discussed in Sect. 5, in light of other methods and estimations of turbulence parameters found in the literature.
Methods of turbulence parameter estimations
As explained in Introduction, turbulent kinetic energy dissipation rate, ε, and turbulent diffusivity, K, are estimated from the Thorpe lengthscale L T , which is related to the Ozmidov lengthscale L O . Indeed, it is usually found from in-situ experiments that L O /L T ≈1 (in a statistical sense) in oceanic or lake data (e.g. Dillon, 1982; Moum, 1996; Ferron et al., 1998; Gargett, 1999) . Dillon (1982) found L T ≈1.25L O in the oceanic thermocline. Ferron et al. (1998) proposed L T ≈(0.95±0.6)L O from equatorial oceanic data and Alisse (1999) found experimental L T =1.15L O for homogeneous stratospheric turbulent layers. These observations are in agreement with the "continuous creation" theory (e.g. Caldwell, 1983) , according to which fluctuations of kinetic energy and temperature are permanently created on many scales: All the driving energy is converted into turbulent kinetic energy such that L T is proportional to L O . Another theory proposed by Gibson (1982) and called the "big bang" theory supposes that "active" turbulence is a rare and localized event and that most of the observations would reveal remnant structures. Our measurements cannot distinguish between active and remnant turbulence. Most of our data are obtained for convectively stable temperature profiles, where remnant turbulence should be subject to a fast decay due to work of buoyancy forces.
In our consideration we use only formulae for a dry atmosphere, because high resolution measurements of humidity are not available. They are good approximations for the upper troposphere and stratosphere, where humidity is weak. But the reader must keep in mind that only the contribution of the dry atmospheric component is considered for the troposphere data shown below.
Direct measurements of L T
For steady-state turbulence, energy dissipation rate, ε, and turbulent diffusivity, K, are related to the Ozmidov scale by:
where β is a constant, and local values of N are determined for the same layer altitudes. According to a review by Fukao et. al. (1994) , β may vary between 0.2 and 1. The frequently used approximation β=R f /(1−R f ), where R f is the flux Richardson number, often taken as R f ≈0.25, gives β≈1/3. Assuming L O =cL T , estimations of ε and K can be made from the following formulae proposed by Caldwell (1983) and more recently by Galbraith and Kelley (1996) and Fer et al. ( 2004) :
For adiabatic random vertical motions of fluid particles, the Thorpe length L T can be obtained from high resolution balloon potential temperature measurements by calculating the standard deviation of displacements l obtained from re-ordering potential temperature profiles (e.g. Luce et al., 2002) . Considering the result given by Alisse (1999) for stratospheric data, c=1.15 will be used. One should keep in mind that this value has been obtained from selected "statistically homogeneous turbulence layers" and may thus be different in other situations. From numerical simulations of turbulent flows, Smyth and Moum (2000) found that the ratio L O /L T could increase with time for turbulence generated by shear instability: it may be significantly smaller than 1 at the beginning stage of mixing and larger than 1 for the mature (when turbulence already decays). They used the ratio L O /L T for estimating the age of a KHI-generated turbulent layer. Therefore, estimates Eqs. (3) and (4) may contain errors in regions where turbulence is not in a developed stage. In particular, L O L T may be expected in nearly mixed layers because they may correspond to a mature stage of turbulence, which is not usually considered in the "continuous creation" theory. Also, L T estimates may be not reliable in layers with small N 2 , due to the contribution of instrumental noise (Galbraith and Kelley, 1996) . These two limitations have to be taken into account when interpreting the experimental results in regions of weak stability, which are more frequent in the troposphere.
Indirect estimates of L T from C 2 T
A first approach is based on the above-mentioned model of adiabatic vertical displacements corresponding to fluctuations of potential temperature θ . These vertical displacements are assumed to be small enough so that:
where l denotes the vertical displacement and θ 0 (z) denotes the vertical background (non perturbated) potential temperature profile. Since the Brunt-Väissälä frequency N is defined as:
one can modify Eq. (6) as follows:
Taking the variance of the random variables θ and l , it follows that:
where L 2 T =l 2 is the so-called Thorpe lengthscale. From Eq. (8), we obtain:
by using θ 2 θ 2 0 ≈T 2 T 2 0 (see Tatarskii, 1971 ). The temperature variance involved in Eq. (9) can be related to the temperature structure function (Tatarskii, 1971) . Balloon measurements from the MUTSI campaign provided vertical profiles of temperature with pairs of sensors horizontally separated by r=1 m. An estimate of the structure function can be obtained assuming a homogeneous and isotropic temperature field:
where the averaging is performed over an altitude layer and R(r) is the cross-correlation function defined as:
It follows from Eq. (10):
It can be noted that if R(r)→0, then T 2 =D(r)/2. In the inertial subrange of isotropic and homogeneous turbulence D T (r)=C 2 T r 2/3 , then Eq. (9) can be expressed in terms of C 2 T :
where the function α(r) is introduced for simplifying the formula.
Remarks about the proposed methods
Expression (13) is only justified for the inertial subrange of homogeneous and isotropic turbulence which can be described by correlation functions (and variances). A slightly more general expression could be obtained for non-inertial turbulence by combining Eqs. (9) and (12), i.e. by expressing L r T as a function of D T (r). Using Eq. (13), the Thorpe lengthscale L T (and thus in some way L o ) can be estimated from C 2 T , N 2 , T 0 and R(r). The most difficult point concerns R(r) which cannot be estimated without high-resolution temperature measurements. For r larger than the outer scale of turbulence, one may suppose R(r)→0. For r=1 m this approximation is not valid for many cases and in this study we estimate R(r) from MUTSI balloon high-resolution temperature measurements (see Sect. 4).
Another model is available in the literature for estimating from (potential) temperature data (e.g. Ottersten, 1969; Weinstock, 1981; Bertin et al., 1997) . It is based on the consideration of turbulence energy balance (see Ottersten, 1969) with the hypothesis of incompressibility, isotropic and stationary turbulence. In our notations and in the absence of humidity, this approach is equivalent to the following formula:
where a 2 ≈2.8 is a universal constant. Hocking and Mu (1997) gave a more in-depth discussion of this formula, and also included different variations of it from other authors. After Lilly et al. (1974) , one may assume R f =0.25, even though it is believed to be smaller in regions of turbulence production. Using Eq. (3), one can obtain from Eq. (14) the following expression for the Thorpe length:
Expression (15) has a general structure similar to Eq. (13), since it depends on the same parameters C 2 T , N 2 and T 0 . However, Eq. (15), contains higher powers of C T and N in the denominator compared to Eq. (13). Comparison of estimations of L r T and L e T using Eqs. (13) and (15) with directly measured Thorpe lengthscale L T (see Sect. 2.1), are given in Sects. 4 and 5.
It is worth noting that Eq. (4) gives estimates of local turbulent diffusivity at small scales only. At larger scales, turbulence intermittency is important (see discussion in Sect. 5); also additional mechanisms of diffusion, such as stokes diffusion, may exist (see review by Hocking, 1999) .
Processing MUTSI balloon data
The methods of estimating turbulence characteristics described in the previous section were applied to the available high-resolution temperature profiles. Ten instrumented balloons labeled here as M1,. . . , M10 for these temperature measurements were launched near the MU radar. We used temperature (and pressure) profiles obtained during balloon flights M1, M8 and M9 launched on 13 May, 22/23 May and 25/26 May 2000, respectively. The detailed description of the instrumentation was made by Luce et al. (2001 Luce et al. ( , 2002 .
Direct measurements of Thorpe lengths
First, vertical potential temperature profiles at a vertical resolution of z=10 cm are calculated from profiles of temperature and pressure. Thorpe-reordered profiles are then obtained and fluid particle displacements needed for that reordering are calculated, as described by Luce et al. (2002) . Thorpe lengthscales are finally deduced as standard deviations of these displacements for data within vertical segments, with thickness δz=12.8 m shifting with a step of 6.4 m. A small segment thickness of 12.8 m is chosen for obtaining sufficiently high vertical resolution while keeping a sufficient number of data points in each segment. Inspection of the Thorpe displacement profiles reveals that this value of δz generally corresponds to typical thicknesses of stratospheric turbulent layers, where overturning of fluid particles occur. In case of thick turbulent layers, when the Thorpe length is much larger than δz, the calculation of turbulent characteristics for thin segments may produce increased variability within the layers and especially near their edges. Our verification shows that increase in the thickness of data segments δz does not affect qualitatively the results and thus our conclusions, but gives lower vertical resolution in the stratosphere, where turbulence is highly intermittent.
Estimating N 2 is made after Galbraith and Kelley (1996) from the reordered potential temperature profile (see above).
For each 12.8-m thick vertical segment, a linear fitting is applied to the reordered θ profile. The slope of the linear curve used for ∂θ 0 /∂z and N 2 is estimated by calculating from Eq. (6) with θ 0 in the denominator, taken as the mean value of θ in the selected segment.
Estimating C 2 T is made for each vertical segment of thickness δz. The structure function D T (r) for r=1 m is estimated by calculating the variance of the differences in temperature, measured by two horizontal sensors separated by a distance of 1 m. The temperature differences with vertical step of 0.1 m are first calculated and then their mean value over the segment is calculated and subtracted in order to suppress possible absolute decalibration between the sensors. This decalibration may slowly vary with height, but inspection of the temperature profiles shows that it is usually quite constant within segments with δz=12.8 m. The numerical value of D T (r) at r=1 m is equal to the numerical value of C 2 T , provided that the scale 1 m belongs to the inertial subrange of the Kolmogorov turbulence. Use of a data segment of thickness δz is equivalent to a numerical filter suppressing scales larger than δz=12.8 m. This can slightly underestimate C 2 T but should not significantly affect our analysis (see Luce et al., 1997 for a discussion in a similar context).
Estimating R(r)
The reordered θ profiles are first converted into reordered T profiles using measured pressure profiles. The temperature differences T 1 (z) and T 2 (z) between the original and reordered temperature profiles are then calculated for the two horizontal distant sensors 1 and 2. The cross-correlation R=T 1 T 2 / T 2 1 T 2 2 is finally estimated for each altitude segment with thickness δz=12.8 m.
Rejecting noise contribution
Measured temperature and pressure data may contain random instrumental noise, which is normally assumed to be white and then noncorrelated for all sensors. In this case, the measured temperature may be represented as T obs =T +n, where n is the noncorrelated noise. The observed temperature structure function for a separation ξ may be represented as follows (see Gavrilov et al., 1994) :
where σ 2 n is the noise variance. For atmospheric temperature it is supposed that D T (ξ )→0 at ξ →0. Therefore, one may suppose that D T obs (ξ )≈2σ 2 n at small ξ.
Balloon measurements have data sampling with vertical step z=10 cm. Using estimates of the vertical structure function D T obs ( z), one may obtain the simplest estimation
However, in this case the estimate of σ 2 n may contain not only contributions from the uncorrelated noise but also possibly 
some variance due to the turbulence at scales less than z. Therefore, Eq. (18) may be not valid in regions of strong turbulence, and peaks of D T obs ( z) are indeed found in regions of large temperature fluctuations. Therefore, in our analysis, we estimate for each profile the mean values of σ n , calculating after the exclusion of values exceeding 3 mK, which we suppose to have a substantial contribution of geophysical signal, in accordance with the inspections of measured vertical profiles of D T obs ( z). After calculating σ n from Eq. (18), the elimination of noise contribution is applied by the correction of the observed structure function Eq. (10) as follows:
Also, all data for which D T obs (r)<4σ 2 n (or D T (r)<2σ 2 n ) are rejected from the analysis, since they may be strongly affected by instrumental noise. Similarly, all direct estimates of L T for which L T ∂θ 0 /∂z<2σ n are rejected, since the Thorpe lengths can be strongly affected by instrumental noise for this condition, as it was shown using a numerical simulation by Alisse (1999) . Both conditions are used below when comparing the directly estimated and reconstructed turbulence parameters.
Estimating L r T , ε and K
Reconstructed L r T values are estimated using Eq. (13) with values of N 2 , C 2 T and R(r) given by the methods described above. The turbulent parameters ε and K are then estimated from Eqs. (3) and (4) Table 1 for the troposphere and stratosphere.
The values differ only slightly between the flights. Also given in Table 1 are the total numbers of registered data segments (12.8 m) for the stratosphere and troposphere, for each flight, and the numbers of data for which the conditions C 1 ≡D T obs (r)>4σ 2 n at r=1 m and/or C 2 ≡L T (∂θ 0 /∂z)>2σ n are fulfilled. When the conditions are valid, we assume that estimates of turbulence parameters are more reliable (i.e. less affected by the noise -see Sect. 3). One can see from Table 1 that the proportions of reliable values of C 2 T and L T are smaller in the troposphere than in the stratosphere, because the layers with small ∂θ 0 /∂z and C 2 T are more frequent in the troposphere. Table 1 shows that our requirement C 1 removes more data points than the requirement C 2 . But analysis shows that these conditions do not necessarily break down in the same altitude segments. Therefore, determination of turbulent parameters using temperature variances may give more reliable results in the regions where ∂θ 0 /∂z → 0, where the condition C 2 is not fulfilled, but the condition C 1 may still be valid. According to Table 1 , such cases are more frequent in the troposphere. Also, estimations of turbulent parameters from temperature variances using Eqs. (3), (4) and (9) may be useful for experiments having smaller resolution in altitude, when direct measurements of the Thorpe length are not possible.
Cross-correlation
Expression (13) for L r T involves the determination of the cross-correlation R(r) of temperature fluctuations. Experimental study of this parameter from balloon measurements has never been performed previously. Values of R(r) for a pair of temperature sensors located at horizontal distances r=1 m are calculated as described in Sect. 3. Figure 1 represents the measured dependence of R(r) on L T for data collected during the flight M1. All data affected by noise have been rejected, using both criteria C 1 and C 2 described above. Thus, the tendencies revealed by Fig. 1 are supposed to be relevant to geophysical processes. 
where erf (x) is the error function, a and L c are constants. The solid curve in Figure 1 The increase in cross-correlation with L T revealed by Fig. 1 may be explained by changes in scales of turbulent eddies. For isotropic turbulence, vertical and horizontal scales of turbulence should be equal. Therefore, when the vertical Thorpe lengthscale is smaller than r=1 m, the horizontally spaced sensors may be generally influenced by different small-scale isotropic eddies and the correlation between them is small. When the Thorpe length increases, the proportion of larger-scale eddies also increases and the correlation between temperature fluctuations at two distant sensors in-creases. The contribution of anisotropic turbulence, having horizontal scales larger than vertical, may increase the correlation between two horizontally distant sensors, even for small Thorpe lengths, which may explain points with relatively large cross-correlation at small L T in Fig. 1. Figure 2 shows scatter plots of "indirect" Thorpe length L r T , estimated using Eq. (13), versus directly measured values L T for tropospheric and stratospheric data from the MUTSI flight M1. Similar tendencies have been obtained for data from flights M8 and M9. Also, similar plots (not shown) have been obtained for the turbulence parameters ε and K obtained from Eqs. (3) and (4), respectively.
Turbulence parameters
First, one can see that both distributions of L T and L r T in Fig. 2 extend over several decades, revealing a strong vertical variability and intermittency of turbulence in the tropostratosphere. The comparison of L T and L r T shows that values are located near the diagonal, corresponding to L T =L r T , and the agreement is even slightly better for stratospheric data (means and standard deviations of the ratio L T /L r T are 1.90 and 2.53, respectively, for the tropopsheric data and 1.39 and 0.91 for the stratospheric data). This supports the possibility of estimating indirectly the Thorpe lengthscale using Eq. (13). In the troposphere, the directly measured L T values are often significantly larger than the indirect L r T values. One assumption may be a possible overestimation of the Thorpe length directly measured in the layers of small ∂θ 0 /∂z due to the influence of noise. Also, small N 2 generally corresponds to small C 2 T values, which can become only slightly larger than the noise level, and L r T could be underestimated after the noise correction used in our study and described in Sect. 3.
Average and median values of the direct and indirect L T , ε and K parameters for the three MUTSI flights are given in Table 2 , even though the K values may not represent the effective turbulent mixing in intermittent patches (see Sect. 2.3).
The median values in Table 2 for all turbulence parameters are substantially smaller than the mean values. This means that small individual values of turbulence parameters are more frequent than large values. This is a known feature of turbulence (Kolmogorov, 1962) . On the other hand, relatively rare cases of strong turbulence may give a substantial contribution into energetic balance and diffusion processes in the atmosphere, which may be reflected by the mean values of the turbulence parameters. Figures 3 and 4 show examples of vertical profiles of L T and L r T , respectively, in the troposphere and stratosphere. In these plots, no rejection criterion is applied, but the profiles are smoothed using a 3-point running window, in order to emphasize the main tendencies. The temperature, C 2 T and N 2 profiles corresponding to the selected altitude ranges, are also given for interpreting the results. First, one can note an agreement between the positions of L T and L r T maxima in both Figs. 3 and 4 . This result gives extra credence to the proposed models of turbulence parameter estimation. Second, the agreement in the magnitudes of L T and L r T is better in the stratosphere (Fig. 4 ) than in the troposphere (Fig. 3) , where L T is generally larger than L r T , as expected from Fig. 2 . Comparing the profiles shown in Figs. 3 and 4 shows that in some regions of large N 2 , associated with maxima of C 2 T , the magnitudes of L T and L r T agree well. At altitudes around 17. 1, 17.6, 17.9, and 18 .25 km in Fig. 4 , one can see increased temperature fluctuations even visible in the temperature profile. In contrast, in regions of small N 2 (i.e. nearly adiabatic gradient), which are more frequent in the troposphere (Fig. 3) , the maxima of measured L T usually corresponds to small values of C 2 T and smaller values of L r T . This case is also seen around altitudes 17.2 and 18.5 km in Fig. 4 . One reason for larger measured L T magnitudes in the layers of small N 2 may be their overestimation due to noise effects. Also, despite small N 2 , L r T may be smaller than L T because usually C 2 T is also small. Therefore, L r T may contain uncertainties because (C 2 T ) 1/2 /N 2 may become a poorly defined ratio of small values. One has to keep in mind that L r T may be smaller than L T in Figs. 3 and 4 because the standard deviation of noise was subtracted from the observed D T obs (r) (see Eq. (19)) when estimating C 2 T , while the measured L T values were not corrected for noise contribution.
Vertical profiles of turbulence parameters (L T , ε, K), wind speed and direction, and the squared Brünt-Vaïsala frequency N 2 (calculated using the method explained in Sect. 3) are shown for the flights M1, M8 and M9 in Figs. 5, 6 and 7, respectively. The profiles of turbulence parameters contain only reliable estimates that were selected using criteria C 1 and C 2 (see Table 1 ), and both the directly measured and indirect values are plotted in green and red dots, respectively, because they may complement each other in numerous layers, where only one of the estimates is reliable, according to the criteria of Sect. 3. One can see general decreasing trends of these parameters from the boundary layer up to the altitudes of 20-25 km in Figs. 5-7. A striking fact is the strong inhomogeneity of the profiles, indicating that turbulence is most of the time confined within thin localized patches. However, regions favorable to stronger turbulence may superimpose on the decreasing trends, as indicated by increased values of L T , ε and K. Such regions can be found for flight M9 between altitudes 10-12 km, where clear maxima of (L T , ε, K) are observed, associated with a maximum of N 2 and C 2 T . A less pronounced, but a significant maximum for flight M9 can be noted around 18.5 km, associated with a minimum of N 2 . For flight M8, the largest local maxima of (L T , ε, K) can be found at altitudes 7-8 (associated with minima of N 2 ) and 18-20 km (associated with maxima of N 2 and C 2 T ) . For flight M1, one may find local maxima of (L T , ε, K) within altitudes 10-12 and 14-16 km, (associated with maxima of N 2 and C 2 T ), for example. These maxima may substantially increase local median and mean values of turbulence characteristics. Wind speed and direction for flights M1 and M9 were obtained by Luce et al. (2001) from balloon measurements averaged for obtaining the same height resolution as the MU radar. For flight M8, balloon wind data are not available. The wind profiles shown in Fig. 6 have been obtained from MU radar observations at a radial resolution of 150 m averaged over 20 min, corresponding to the time when the balloon altitude was between 18 and 20 km.
Analysis of the wind profiles reveals that the layers of enhanced turbulence parameters sometimes correspond to regions of large variations of wind speed and/or direction, which may create shear instabilities in the atmosphere if the local Richardson number is small enough. For example, the well-defined maxima of L T , ε, K and C 2 T in M9 data around 11-12 km seems to correspond to a large increase in wind speed as a function of height. Zones of shear instabilities may be more frequent in the lower and upper parts of the tropo-stratospheric jet stream. They may create layers of increased turbulence in the tropopause region. For flight M8, around 18-20 km, the well-defined maximum seems to be related to changes in both wind speed and direction (even though they are not found exactly at the same altitude) and then to a possible strong shear. A more thorough analysis of the dynamic stability conditions around the maxima of ε, K and C 2 T will be given in a subsequent work.
Discussion
Figures 2-4 showed that directly measured L T and L r T estimated from C 2 T measurements using Eq. (13) agree well, especially within layers associated with large random temperature irregularities. This good agreement suggests that the proposed model, based on the hypothesis of homoge-neous inertial turbulence, despite its unreality, can constitute a good approximation, especially within such layers. Another model relating ε to C 2 T has been proposed in the literature (see Eq. (14)) from which another estimate L e T can be deduced from Eq. (15). The top panel of Fig. 8 represents a comparison of L e T with directly measured L T for M1 in the troposphere and stratosphere. One can see that the general trends of data points are different from the diagonals in Fig. 8 . For small values, directly measured L T are generally larger than the indirect L e T while this ratio is generally opposite for larger values of L T in Fig. 8 . Thus, the agreement is worse than the one between directly measured L T with L r T , estimated using Eq. (13) in Fig. 2 . The difference may reflect the difference in the power of N in denominators of Eqs. (13) and (15): Smaller L T values generally correspond to larger N 2 values and vice versa. Due to the larger power of N in the denominator of Eq. (15), one should expect L e T >L r T at small N and L e T >L r T at large N (cf. Figs. 2 and 8) . Thus, estimations of L T from C 2 T using Eq. (13) give results which are more consistent with directly measured values than the estimations from Eq. (15). It is worth noting however that for the most commonly encountered values of L T (in the range 0.3-3 m), the results of both Eqs. (13) and (15) are of the same order. Figures 5-7 show that the altitude ranges of enhanced local turbulence parameters are observed primarily between 8 and 12 km for all balloon flights. These ranges and intensities vary with observation days, in accordance with local distributions of temperature and winds. Multi-year systematic studies of ε and K with the MU radar in Shigaraki (Fukao et al., 1994; Kurosaki et al., 1996) indeed showed maxima of these turbulence parameters between 8 and 12 km. Therefore, the presence of enhanced turbulence mixing in the tropopause region may likely be almost a permanent feature above Shigaraki. These turbulent layers may be produced by convective instabilities in the layers of N 2 →0, which frequently exist below the tropopause. Other sources of turbulence near the tropopause may be produced by shear instabilities due to large vertical gradients of wind in the tropo-stratospheric jet streams (Joseph et al., 2003 (Joseph et al., , 2004 . The layers of turbulence maxima at altitudes 10-12 observed for flights M1 and M9 in Figs. 5 and 7 illustrate the different kinds of instabilities in the atmosphere. In the flight M1 the maxima of measured and reconstructed Thorpe lengths at altitudes 10-12 km are located within a broad layer of small convective stability with average N 2 ≈2.6 10 −5 s −2 . In the strong turbulent layer observed at these heights for flight M9, the mean static stability was N 2 ∼1.7 10 −4 s −2 with larger local maxima (Fig. 7) , but a large vertical gradient of horizontal wind of |∂u 0 /∂z| exceeding 35 ms −1 km −1 which can be deduced from wind, exists in the lower part of the tropo-stratospheric jet stream.
A comparison of all turbulence parameters in the mentioned layers for M1 and M9 in Figs. 5 and 7 reveals some differences caused by the differences in the mechanisms of their excitation. In the possible convectively unstable turbulent layer observed during the flight M1 a large maximum of Thorpe length is associated with the maxima of ε and K and with the minimum of C 2 T . This may indicate that in a convectively unstable layer, the Thorpe length reflects the thickness of the layer rather than the actual displacements of fluid particles; also, a small amount of turbulence energy here is enough to produce substantial vertical displacements of fluid parcels. But according to Eq. (7), these large vertical displacements are not associated with strong temperature fluctuations, as far as N 2 ∼0 in this layer. Relatively small turbulent energy and potential temperature gradients inside the unstable region may also suppress the processes of heat diffusion there (but not constituent diffusion). In a more convectively stable turbulent layer at altitudes of 10-12 km during the flight M9 in Fig. 7 all turbulent characteristics have strong maxima. In the case of N 2 >0, large vertical displacements of fluid parcels require substantial turbulent energy and produce large temperature fluctuations and turbulent diffusivities.
For the flight M8 (Fig. 6) , substantial maxima of turbulence parameters were observed around 18-20 km. Maxima are also observed above the tropopause in the other profiles but they are not so strong. Statistical analysis of ε and K with the MU radar (Fukao et al., 1994; Kurosa et al., 1996) also reveals some local maxima at altitudes 16-20 km. The turbulent altitude range around 18-20 km in M8 occurs in the convectively stable layer, possibly with a significant vertical shear of horizontal wind. This case would be similar to the case observed in M9 around 10-12 km. Figures 5-7 show that the horizontal wind speed above the altitude 15 km is generally smaller than that in the tropostratospheric jet stream and reveals frequent wave-like structures which are more pronounced in the stratosphere, especially for flight M1. They may be produced by gravity waves propagating from the troposphere or may be generated by geostrophic adjustment near the jet stream, for example. Local increases in the wave sources and their amplitudes may produce substantial wind shears capable of making turbulent layers. One of the reasons for an increase in the amplitudes of atmospheric waves propagating from the troposphere and in turbulence generation could be the sharp increase in N 2 in the tropopause region (VanZandt and Fritts, 1989; .
Frequent observations of strong turbulent diffusivities near and above the tropopause (see Figs. 5-7 and discussion above) are very important for a further understanding of processes of transport of natural and anthropogenetic atmospheric gas and aerosol species between the troposphere and stratosphere. For example, at present, the atmospheric "Brewer-Dobson" general circulation is assumed to be the most important mechanism for the stratospheric ozone transportation to the troposphere (Holton, 1986) . The role of mesoscale motions and turbulence in global ozone transport is unclear (Lamarque and Hess, 2003) . The combined effect of the "Brewer-Dobson" circulation and quasi-horizontal mixing by large-scale eddies is equivalent to K∼0.2 m 2 s −1 in the tropopause region (Holton, 1986) . Distributions of Figs. 5-7 show that the local K near and above 10 km may be frequently much larger (up to K∼10 0 −10 2 m 2 s −1 ). Large local values of K in the tropopause region were also measured using radar techniques, for example, by Fukao et al. (1994) , Kurosaki et al. (1996) , Pavelin et al. (2002) , Whiteway et al. (2003) , etc.
Such strong local turbulent diffusivities may produce substantial local turbulent fluxes of ozone, and other gas and aerosol species. Distributions of K in Figs. 5-7 show that turbulence is very intermittent and K is very variable in the tropo-stratosphere. This may produce substantial variability of local turbulent fluxes of atmospheric species (see for turbulent ozone fluxes). There is a problem of estimation of the contribution of these local fluxes produced by intermittent turbulence into the mean transport of admixtures. There are doubts whether the median and average values of K given in Table 2 correctly represent effective mixing by intermittent turbulence. A number of approaches were developped to account for random and wave intermittency of turbulent diffusion (see review by Fritts and Alexander, 2003) . Dewan (1981) and Woodman and Rastogi (1984) suggested that the random occurrence of turbulent layers may produce a random process of intermittent diffusion and an effective turbulent diffusivity of this ensemble should be introduced. Fritts and Dunkerton (1985) and Gavrilov and Yudin (1992) showed that the intermittency of turbulence generated by gravity waves may lead to the difference in diffusivity of momentum and heat thus making an increase in the effective Prandtl number. Stokes diffusion may also contribute to atmospheric mixing (Hocking, 1999) .
Conclusions
In the present paper, turbulence parameters in the tropostratosphere have been estimated using high-resolution balloon temperature measurements from the MUTSI campaign. Vertical profiles of the specific dissipation rate of turbulent kinetic energy, ε, and turbulent diffusivity, K, are estimated from Thorpe lengthscale, L T . The last may be directly measured by the sorting of potential temperature profiles or estimated from measured temperature structure constant, C 2 T , using Eq. (13), assuming adiabatic vertical displacements or Eq. (15), based on turbulent energy balance consideration. Both values show satisfactory agreement and may be used for estimating turbulent characteristics. Estimations show that Eq. (13) gives estimations of the Thorpe length that are more consistent with direct measurements, than the estimations given by Eq. (15).
Vertical profiles of analyzed turbulence characteristics show substantial intermittency of turbulence, giving large dispersion of their local, median and average values. General trends correspond to a decrease in ε and K from the boundary layer up to altitudes 20-25 km. Layers of increased turbulence are systematically observed in the tropo-stratosphere, which may be produced by instabilities of temperature and wind profiles mostly associated with gravity wave propagation. These maxima may substantially increase local values of turbulence characteristics, which may influence diffusion and mixing of atmospheric gas species in the tropostratosphere. Existence of substantial local turbulent diffusivities in Fig. 8 makes solving the problem of estimating effective diffusion by intermittent turbulence more important and requires further balloon, MST radar and other observations of turbulence in the tropo-stratosphere. In a subsequent paper, we are planning to compare the present estimations of turbulence parameters with those provided simultaneously by MU radar.
